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Abstract

This chapter describes the basic chemical principles and methodologies for
geochemical models and their use in the field of isotope hydrology. Examples of calculation
procedures are given on actual field data. Summary information on available PC software
for geochemical modeling is included. The specific software, NETPATH, which can be used
for chemical speciation, mass balance and isotope balance along a flow path in groundwater
systems, is discussed at some length with an illustrative example of its application to field
data.

4.1 Introduction

Geochemical modelling of hydrologic systems is an area of active research
that has potential applications to many problems including those of environmental
assessment, palaeohydrology, diagenesis of minerals and nuclear waste. The goal
of research in this area is to interpret the details of evolutionary reaction paths in
groundwater systems that result from both natural and anthropogenic processes.
The results of geochemical modelling can be used to use validate our conceptual
understanding of hydrologic flow and geochemical processes. To facilitate this
effort, computer codes have been written to simulate geochemical reactions by
combining the theory of aqueous chemistry with extensive thermodynamic data.

Isotope hydrology has been widely applied as an integral part of hydrologic
investigations for decades. This isotopic data has been used successfully by many
to gain insight into the dynamics of groundwater flow or for the qualitative
interpretation of groundwater systems. The isotopic composition of dissolved
species can also be used to ascertain unique evolutionary reaction paths in
groundwater systems. This coupled geochemical-isotopic modelling approach to
hydrologic investigations can offer singular solutions to our interpretation of
groundwater flow.

The concept of applying geochemical modelling to natural water systems was
introduced by Garrels and Thompson in 1962 [1]. Their approach modelled water
chemistry, decoupled from flow, and provided quantifiable information about
geochemical processes in an aqueous system. This initial model described the
distribution of 17 chemical species in seawater at 25°C and was able to quantify the
predominant ion pair speciation. It was this approach of using rigorous
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thermodynamic data to describe chemical speciation in water that set the framework
for most of the geochemical models used in groundwater investigation.

Aqueous geochemistry includes reactions of inorganic and organic species in
the aqueous phase and at the surface of clay or mineral grains. This chapter will
focus on geochemical modelling of reactions that control the concentration and
isotopic composition of dissolved inorganic species in groundwater. It is also
intended to be an introduction to the basic concepts and formulations for isotope-
geochemical process investigations, procedures and methodologies for geochemical
modelling of groundwater systems.

The results we seek with geochemical modelling of groundwater systems are;
1) identification of those minerals or gasses that are dissolving and/or precipitation
along a hypothetical flow path; 2) determination of the spatial variation in the mass
of each chemical species entering or leaving the groundwater system; and 3)
potentially, the prediction of water chemistry along flow paths or systems not yet
studied. To attain these results we must interpret chemical reactions in a
groundwater system based on a sound understanding of its geology and
hydrogeology, and we must base our prediction of geochemical reactions on a solid
foundation of chemical knowledge. For this, we have many geochemical models to
choose from for our specific needs and applications.

Table I. Geochemical models, applications and concerns for groundwater investigations.

Models Concerns
Chemical speciation Model sensitivity
Ion Interaction Sample analysis errors

Applications Computational errors
Mass transfer Thermodynamic data availability
Isotope fractionation Kinetic controls on reactions
Redox Coupled flow/reactions
Coupled reactions

4.2 Hydrologic considerations: the conceptual model

The previous three chapters in this book have described the basic concepts
and formulations for mathematical models which increase our understanding of
groundwater flow and solute transport. Prior to the development of a geochemical
model of groundwater, a detailed knowledge of the flow of water in the system is
required. This knowledge includes a conceptual understanding of groundwater flow
ie: geologic framework, piezometric surface map and flow net, but geochemical
modelling does not require a working mathematical model of groundwater flow as a
prerequisite.

The generation of the hydrologic flow and geochemical models can be
concurrent and independent. However, it is not meaningful to model the
geochemical evolution of groundwater between two water samples that are
unrelated ie: between two wells that are not on the same flow path or water from
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two separate aquifer systems. Once developed, the geochemical model can be used
to refine or validate aspects of the hydrologic flow model through estimation of
regional hydrologic parameters using calculations of flow velocities using age
dating techniques or via interpretation of mixing of water from different sources.

The boundary conditions applied to geochemical modelling are based on the
questions asked and the availability of geochemical data. If our goal is to use
geochemical modelling to understand recharge processes and potential groundwater
contamination, we must begin by collecting data on rainfall, runoff/river water, and
minerals and gasses in the soil/unsaturated zone. If our goal is to age-date water in
deeper saturated aquifers, we would choose groundwater near the recharge zone as
our starting point In each case, we attempt to reconstruct the geochemical
evolution of water along its flow path.

There are hydrologic limitations that affect our ability to geochemically
model groundwater systems. It is presently accepted that hydrodynamic dispersion
can be neglected when geochemically modelling regional groundwater systems [2],
but some systems on smaller scales might not be suitable for geochemical
modelling if dispersion is not included in the interpretation. Groundwater systems
dominated by fracture flow may contain waters of very different residence times
and chemical composition at the same point down gradient [3]. Many wells are
drilled to provide a water resource, and thus may be screened over a wide interval
to maximize yield. Undefined hydrochemical mixing (either intrawell or interwell)
between water from different hydrostratographic units can not be discerned without
knowledge of the quantity and chemical composition of incoming water. Hence, it
may not be possible to separate the effects of mixing from those of geochemical
reactions along the flow path Flow systems may be vertically stratified both
chemically and as a function of age. Sufficient hydrochemical data is needed to
select samples in the proper screened interval to intersect the conceptual hydrologic
flow line. Groundwater withdrawal, recharge or contamination may alter the
chemistry of water and affect which reactions are used to account for chemical
changes down gradient. Finally, the palaeohydrology of the groundwater system
may have changed due to natural climate change.

Given sufficient detail, these limitations can be overcome with geochemical
modelling techniques. Too often, the availability of geochemical data is limited,
but through a coupled knowledge of isotope hydrology and geochemical modelling
we can ascertain a unique solution to the geochemical evolution of groundwater [4].
Before we study these methods in detail, we should consider the two methods of
solving for chemical reactions and mass-transfer in groundwater systems, the
forward solution and the inverse solution.

4.3 Forward solution

The forward solution to geochemical modelling is the prediction of water
chemistry based on a knowledge of the mineral composition and the controlling
geochemical reactions in the hydrologic system. Ultimately, it is the modeller who
determines which geochemical reactions control water chemistry and at what point
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the system has undergone mass-transfer and approach to equilibrium. The latter
can often be controlled by kinetics (rate of reaction) and hydrologic flow velocity.
To predict the chemistry of groundwater we assume; 1) the final (predicted) water
is hydrologically related to the point chosen as representative of its initial water
chemistry; 2) there are no changes in the geology and mineralogy between the
initial and final points we represent with the model; 3) kinetic controls on water
chemistry are insignificant, predicted or otherwise not controlling the chemistry of
the final water; and 4) mixing of water is known and defined.

Table II. Forward modelling of groundwater

Initial Water ~* Applied Reactions "*" Final Water

known chemistry & known stoichiometry, predicted chemistry &
isotopic composition kinetics and mixing isotopic composition
(liquid and gas phase) (liquid and gas phase)

4.4 Inverse solution

The inverse solution to geocheimcal modelling is the determination of water-
rock reactions along a hypothetical flow path based on change in chemistry
between initial water and final water compositions. While the forward model relies
on the selection of reactions that should occur, the inverse model relies on the
choice of related initial and final water samples along the flow path. It is not
possible to be assured that initial and final water samples are actually related.
Consequently, it is important to interpret the results of the inverse solution with
insight and knowledge of geochemistry and uncertainties in the conceptual
understanding of groundwater flow in three dimensions. To solve for water-rock
reactions we assume, 1) the initial and final water samples are hydrologically
related; 2) balanced chemical reactions or mixing can be used to predict changes in
the chemical composition of water, 3) all the major controlling reactions along the
flow path are included; and 4) temporal changes in climate and hydrology have
little effect on the model results or these effects can be accounted for. Generally,
chemical speciation modelling is used in conjunction with the inverse solution to
verify the controlling reactions along the flow path.

Table III. Inverse modelling of groundwater

Initial Water —*" Inferred Reactions ~^ Final Water

known chemistry & predicted stoichiometry, known chemistry &
isotopic composition kinetics and mixing isotopic composition
(liquid and gas phase) (liquid and gas phase) (liquid and gas phase)
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Table IV. Selected geochemical models

NETPATH EQ3/EQ6 MINTEQ PHREEQE SOILCHEM WATEQ4F 1DREACT SOLMINEQ

Reference* [I] [II]

S,Frp

[III]

Type S, Imb
(Speciation, Ion interaction,
Inverse mass balance, Forward reac. path, Coupled flow/react.)

[IV, V]

S,I,Frp

[VI] [VII]

s

[VIII]

C,S,Frp

[IX]

Number of elements
Number of minerals
Isotopes
Aqueous Species
Organics
Gasses
Sorption

19
175
C,N,O,H,S,Sr
132
DOC
7
no

(Ion Exchange, Surface Complex)

Redox elements
Activity coefficient

6
D-H, D

(Debye-Hiickel, Davies, Pitzer)

Temperature (°C)
Pressure (atm)

0-100
3

47
713

-
686

-
13
no

25
D-H, D, P

0-300
1 +

31
328

-
373

-
3

6 models

8
D-F, D

0-50
1

19
175

-
120
yes
3
IE

6
D-H, D, P

0-100
1

47
250

-
1853
889
11
SC

11
D-H, D

0-50
1

32
321

-
245
12
7

no

7
D-H, D

0-300
1

47
713

-
686

-
11
no

25
D-H, D, P

0-300
1

31
214

-
270
80
7
IE

8
D-H, D, P

0-350
1-1000

* See list of references at the end of this chapter.



Table IV presents an overview of selected geochemical models available for
use in the interpretation of groundwater geochemistry. This is not a comprehensive
list, but rather a general outline of a few models presently available for use

4.5 Basic chemical principles for geochemical models

It is necessary to have some understanding of physical chemistry to
understand the geochemistry of groundwater systems. The discussion in this
section is not intended to be all inclusive, but a general overview of the basic
terminology and principles required to understand the geochemical approach to
groundwater modelling. There are many texts available that cover this topic if a
more detailed discussion is needed.

A mole of a given substance is its formula weight expressed in grams eg: 1
mole of carbon is 12.01 lgm of carbon. In physical chemistry we express units of
concentration in terms of normality (N), number of equivalent weights of solute per
litre of solution; molality (m), moles of solute per kilogram of solvent, and molarity
(M), moles of solute per litre of solution. Molanty and molality are nearly identical
except at high concentrations (eg. brines) or at high temperatures where the density
of water diverges from 1.0. A chemical species can be an ion, molecule, solid
phase or gas phase, and so on, that takes part in geochemical reactions. Thus, in
the chemical system NaCl and H2O, some of the possible species include: NaCl(s),
Na+, Cl", H2O(1), H2O(g), OH" and ¥t Speciation modelling is a method of
calculating the activity and equilibrium state of species (either dissolved or solids)
in an aqueous solution as determined by constraining thermodynamic data. In
groundwater systems it is rare that actual equilibrium conditions exist, but the
equilibrium approach is useful in that it can indicate the direction of a reaction (eg:
precipitation or dissolution) and it can offer a good approximation of the real
system.

Thermodynamic data consists generally of empirically derived constants that
govern chemical reactions in aqueous solutions. Chemical reactions in natural
water systems are often modelled using equilibrium expressions where the solubility
of a given solute (mineral or gas) is defined as the amount that dissolves until the
solution is saturated with respect to that mineral or gas.

A reversible chemical reaction can be represented by the Law of Mass
Action equation:

a (A) + b{B) * c{C) + d{D) ( 4 . 1 )

where a,b,c, and d are the stoichiometric coefficients of reactants (A),(B),(C),and
(D) At equilibrium, the concentrations of the products and reactants are constant,
thus there is a constant of proportionality for this reaction.

eq (A) a (B) b
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This constant of proportionality (Keq), is the familiar expression for the equilibrium
constant of reaction 4.1, for dissolution of a solid it is also known as the solubility
product (Ksp). A system at equilibrium is in a state of minimum energy. A system
not in equilibrium can move toward equilibrium by releasing energy. The
appropriate measure of the energy in a chemical system is the Gibbs Free Energy
(G) which is related to enthalpy (heat content, H) and entropy (order, S). The
change in energy that occurs during a geochemical reaction (AG°r) can be calculated
from the change in Gibbs Free Energy of the system:

LG° = AH/ - TLSr •• (4 .3 )
A # r = A H p r o d u c t s - A H r e a c t a / 3 t s ( 4 . 4 )
A C ° = A Q ° - A <? ° (A R 1
i4*-'r ** '-'products iAl->reactants V^- J >

where T is temperature in °K. Values of AH°r and AS°r can be obtained from
published tables of standard-state enthalpy and entropies of formation.

The equilibrium constant can be calculated directly from the free energy if
the free energy of the reaction is known. In this way, geochemical reactions that
are not represented in the thermodynamic database of a given geochemical model
may be added to the system of chemical equations applied to a particular
groundwater system.

Equation 4.6 governs the relationship between Keq and AG°r at a temperature
of25°C:

AG° = -RT lnKeq ( 4 . 6 )

where R is the gas constant (8.3143 J mol"1 °Kml; 1.98717 cal mol"1 °K1) and T is
temperature on the kelvin scale.

Example I:
Geochemical analysis has determined the mineral anhydrite is present as one

aquifer mineral, and due to high sulphate in the water we suspect that anhydrite takes part
in mass-transfer reactions along a hydrologic flow path. There is no equilibrium constant
for this species in our geochemical model and so we must calculate the equilibrium
constant (solubility product) of anhydrite at 25°C. Given the balanced reaction:

CaSO4 * Ca2* + sol'

Thermodynamic data (source: Wagman et cd. [5] ):
Species AG°fkJ/mol) AH°(kJ/mol)
Ca2^ -555.58 -542.83
SO4

2" -744.53 -909.27
CaSO4 (anhydrite) -1321.79 -1434.11

AG°r = (-555.58) + (-744.53) - (-1321.79) = 21.68 kJ/mol
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Solving equation 4.6 for Log Keq we obtain the relationship:

or at 25°C where AG°r is in kJ/mol:

-AGr°
=l o g

The equilibrium constant (Keq) or solubility product (Ksp) of anhydrite at 25°C is 10"38.
This value is significantly different than the value of 10"436 used by NETPATH [6] or
another calculated value of 10~431 using thermodynamic data from Faure [7], The
thermodynamic data chosen to calculate equilibrium values must be evaluated by the user,
and its uncertainty should be considered a part of the uncertainty involved when
geochemical modelling.

Most groundwater systems fall within + 25°C of the standard state, but even
within this range the affect of temperature on values of AH°r and AS°r can introduce
errors in thermodynamic data. Many geochemical models contain heat capacity
expressions [8] in the thermodynamic database that allow for extrapolation of the
equilibrium constant to much different temperatures.

If the temperature extremes are not great, generally between 0°C and 50°C,
the vow'/ Hoff expression can be used to extrapolate the equilibrium expression to
the new temperature:

( 4 . 7 )

For temperatures outside this range, it is up to the user to determine if the
appropriate thermodynamic data is given by the model for valid extrapolation of
equilibrium constants at the required temperature. Within this range, if the
equilibrium constant is given for one temperature and the standard enthalpy of
reaction is known, the equilibrium constant can be calculated for the temperature of
each groundwater sample.

Example II.
Calculate the equilibrium constant of anhydrite (Example I) at 65°C using the van't

Hoff expression From the thermodynamic data given in Example I and Equation 4.4, the
AH,0 can be calculated as follows:

AH," = { (-542.83) + (-909.27) } - (-1434.11) = -17.99 kJ/mol
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Given R = 8.3143 J/mol = 0.0.0083143 kJ/mol we can solve for the equilibrium constant
of anhydrite using Equation 4.7:

- 1 7 . 9 9 r 1 _ 1 -I . -i _ - i n - 3 . 8
0 .0083143 L 298 .15 333 .15 J X n X U

The equilibrium constant of anhydrite calculated from the thermodynamic data given in
Example 1 extrapolated to 60°C is 10'413.

In very dilute solutions ions do not generally interfere with each other, but
due to electrostatic interactions between ions and with the polar water molecule,
oppositely charged ions in most groundwater samples surround one another. This
effect reduces the free/available concentration of each constituent. We express this
by saying the activity of the sample is not the same as the concentration.

The interaction between ions depends not only on the concentration of ions
in solution but also on the charge of the ion and the size of the ion.

The activity of a species is the product of the concentration and the activity
coefficient y{ of each species (i):

[Sj] = Yi (conc.J (4 .8 )

The activity is calculated from equations that relate activity and
concentration to the ionic strength of a solution. The concentration of ion charges
in the water sample is expressed as the ionic strength of the solution:

J = I E mizi ( 4-9 )

In equation 4.9, ml is the molar concentration of each ion species and z{ is
the charge of each ion. Geochemical models may use different equations to
calculate the activity of each species in solution.

The first of these is the extended Debye-Hiickel equation that is generally
used to calculate the activity of a species in solutions with IO. l :

- log Y i = AZ!/T (4.10)
1 + aBjX

For equation 4.10, Z; is the charge on the ion, A and B are constants that
depend on the dielectric constant of the solvent and temperature, and a; is the
effective diameter of the ion in the solution in Angstroms. The effective diameter of
the ion is often chosen as a best fit to the data rather than a measured value. Table
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V lists the values for A and B as a function of temperature and Table VI lists a; for
several ions in aqueous solution.

A second equation developed by Davies is also used in some geochemical
models. This equation includes the charge of the ion, zv the constant A from the
Debye-Hiickel equation (Table V) and is reliable up to ionic strengths of I = 0 5:

- log y = Azf[
1 + y/1

- 0 .2J ] (4.11)

Figure 1 shows the variation of activity coefficient with ionic strength for
both the Davies and Debye-Hiickel equations. At higher ionic strengths the activity
can dramatically change the effective concentration of chemical species in solution.
As ionic strength increases, interaction between ions begins to dominate.

For high ionic strength solutions (eg. brines) the activity can be calculated
with the ion interaction methods developed by Pitzer [9]. Geochemical models that
account for the activity of solutions with high ionic strengths, 1 > I < 20, are
generally for specialized purposes. Most groundwater systems are orders of
magnitude less than this and either the Davies or Debye-Hvickel equations are
reliable.

I 0.6
V
o

<

0.5 -

0.4 -

0.3 -

0.2 —I

0.1

Activity estimation

— Debye-Huckel equation

Davies equation

0.001 0.010 0.100
Ionic strength

1.000

Figure 1. Change in the calculated activity coefficient as a function of the ionic strength of
the solution
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The activity of water is generally near 1.0, but at higher ionic strengths this

may not hold true. Chemical speciation models calculate the activity of water for a

given solution. The activity of a solid phase is by generally assumed to be one

unless the geochemical model considers chemical reactions at mineral surfaces. In

this case the activity of the solid phase is determined.

Table V. List of constants used
in the Debye-Hiickel equation

Temperature, °C

0
5
10
15
20
25
30
35
40
45
50

A

0.4883
0.4921
0.4960
0.5000
0.5042
0.5085
0.5130
0.5175
0.5221
0.5271
0.5319

B(108 )

0.3241
0.3249
0.3258
0.3262
0.3273
0.3281
0.3290
0.3297
0.3305
0.3314
0.3321

Table VI. List of a, values used
in the Debye-Huckel equation

a,, A

2.5
3
3.5

4.0/4.5

5
6
8
9

11

(10

Rb̂
K+

8 ) ions

CsT NH4
+ Tl+ Ag+

Cl Br I NO3

OH F HS BrO3 MnO4

Na
Hg:

f HCO3 H2PO4 HSO3

,2+ SO4
2 PO4

2 CrO4
2

Ba2+ Sr2+ S2- Ra2+ Cd2+

Li+

Mg
IT
Th4

Ca2+ Fe2+ Mn2+ Zn2+

2+ Be2+

Al3+ Cr3+

* >7 4* r>_4+ o « 4 *

/A Ce on

source: Garrels and Christ [10]

Example III:
Calculate the ionic strength of groundwater collected from Tucson basin Well B-

83, and using the Debye-Hiickel equation (4.10) calculate the activity of calcium, sulphate
and bicarbonate ions in solution.

Chemical composition of Tucson basin Well B-83
Species mg/1 GFW mol/kg

Ca2+

Mg2+

Na+

K+

cr
so4

2

HCO3

S1O,0

33.0
9.3
73.0
3.0
35.0
110.0
144.0
29.0

40.08
24.305
22.99
39.10
35.45
96.06
61.02
60.09

8.23 x 10"4

3.83 x 10"4

3.18 x 10'3

7.67 x 10"5

9.87 x 10-4

1.14 x 10"3

2.36 x 103

4.83 x 10-4

pH = 7.8; Temperature = 26.5°C; dissolved O ; = 6.9 mg/1; Eh = 0.32 mv
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I = V2 [(8.23 x 10-4)(+2Ca)
2 + (3.83 x 10'4)(+2Mg)2 + (3.18 x 10"3)(+lNa)

2 +
(7.67 x 10-5)(+lK)2 + (9.87 x 10"4)(-lcl)

2 + (1.14 x 10"3)(-2SO4)
2 +

(2.36 x 10-3)(-lHCO3)2 + (4.83 x 10'4 )(0siO2 f + (1.58 x 108 )(+lH)2]
7.99 x 10 J

Using the ionic strength of the groundwater sample from Well B-83 and the data in
Tables V and VI (linear extrapolation to the temperature of the sample), the calculated
activity coefficients (y) for calcium, sulphate and bicarbonate using the Debye-Hiickel
equation (4.10) are:

A = 0.5098 B = 0.3284 x 108 and a^ = 6.0 x 108

-log yCa = 0.15498
yCa = 0.6999

A = 0.5098 B = 0.3284 x 108 and a ^ = 4.5 x 10"8

-log Yso4 = 0.16101
ySO4 = 0.6902

A = 0.5098 B = 0.3284 x 108 and aHCO3 = 4.0 x 108

-log YHCOS = 0.040781
YHCOB = 0.9104

The activity of each species is the product of the activity coefficient (y) and the
concentration

[ aca ] = 7ca (Ca2+ ) = 0.6999 * 8.23 x 10"4 = 5.76 x 10"4

[ aso4 ] = Yso4 (SO/" ) = 0.6902 * 1.14 x 10"3 = 7.87 x 10"4

[ aHC03 1 = YHCOB (HCO3) = 0.9104 * 2.36 x 10"3 = 2.14 x 10"3

The activities of some dissolved species are, in part, controlled by the
activity of hydrogen ion (pH) and acid-base equilibrium. Acid-base chemical
reactions can be expressed as the dissociation of an acid to hydrogen ion and the
related base:

HA * H+ + A~ (4.12)

This reaction is governed by the law of mass action and the equilibrium
constant for this reaction is often called the dissociation constant (K^J. The
equilibrium expression for acid-base reactions describes the interaction of hydrogen
ions with ions in solution. The pH of groundwater is usually controlled by
equilibrium acid-base reactions involving dissolved carbonate species. During
recharge, groundwater is brought into contact with elevated concentrations (above
atmospheric) of carbon dioxide in the soil/vadose zone. Both root respiration and
biologic activity are sources of CO2.
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The concentration of soil CO2 establishes the initial groundwater CO2 - H2O
system where carbonic acid is formed until equilibrium is reached:

CO2 + H2O * HZCO3 ( 4 . 1 3 )

Carbonic acid will dissociate into hydrogen ion and bicarbonate ions:

H2COj * H* + HCOj ( 4 . 1 4 )

and bicarbonate will dissociate into hydrogen ion and carbonate ion.

HCO3 ** H* + COl' ( 4 . 1 5 )

These three reactions proceed concurrently such that any shift in the equilibrium of
one reaction produces a change in the equilibrium of the other two reactions. In
the CO2 - H2O system, the pH of water is a function of the equilibrium dissociation
of both carbonic acid and bicarbonate, and the partial pressure of CO2.
The equilibrium constant for these three reactions are.

v - • X2C0)c°
<-a C0

[aC02-] [aH.]

To reduce mathematical errors and for convenience, equilibrium constants
are often presented as pK values where: pK^ = - log K^ (Table VII). The
dissociation of carbonic acid is the major source of hydrogen ions in groundwater
that are consumed in chemical weathering of minerals in the aquifer. If we assume
the activity of water is 1.0 we can rearrange equations 4.16, 4.17 and 4.18 to
calculate the pH of pure water as a function of pCO2.

The hydrogen ion concentration from the dissociation of carbonic acid can
be calculated as follows:

[H2CO3] = [CO2]KC~ ( 4 . 1 9 )

[IT] - [H*C°*]Ki (4 .20)
[]
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substitution of equation 4.19 into 4.20 results in:

[H*] = _ 2 CQz * ( 4 . 2 1 )
[HCO;]

The hydrogen ion concentration from the dissociation of bicarbonate is:

. IHCO;JK2

The total hydrogen ion in solution is then the sum of equations 4.21 and 4.22:

* 2
•••" 1 total ~ ~ * 5 ( 4 . 2 3 ;

[HCO;] [ i ~ ]

The equilibrium constants for the carbonate system are listed as a function of
temperature in Table VII. The pH of pure water is 7.0, and we know that
dissociation of carbonic acid will reduce the pH of water to less than 7. We can
use equation 4.22 and K2 at 25°C from Table VII to estimate the ratio of
[HCCV ]:[CO3

2- ] at pH 7:

Because the concentration of CO3
2" is more that 1000 times less than the

concentration of HCO3" at pH 7, the hydrogen ion contribution from the
dissociation of bicarbonate will be negligible when compared to the contribution
from the dissociation of carbonic acid. From equation 4.14 we know the
dissociation of carbonic acid produces equal concentrations of [H*"] and [HCO3],

If we assume that all of the hydrogen ion in solution is from the dissociation
of carbonic acid, equation 4.23 simplifies to:

[*H L t a l = ICO2]KCOKX ( 4 . 2 5 )

We calculate, using equation 4.25, that the pH of pure water at 25°C in
contact with soil atmosphere having a 3% concentration of CO2 is 4.7. The pH of
recharging groundwater is generally not this low because carbonic acid is not the
only dissolved species in water and some of the hydrogen ion produced from the
dissociation of carbonic acid is continually consumed during chemical weathering
of minerals.

In aqueous solutions, any number of chemical species may combine to form
both neutral and charged species. The formation of complex species is controlled
by equilibrium processes. An equilibrium constant can be applied to reactions that
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form complex ions and species in solution. Formation of complex species affects
the relationship between activity and concentration by distributing a chemical
species among complexes. The concentration of a complexed ion pair is dependent
not only on the concentration of each ion, but also on how the concentration of all
the complexed species are affected by variations in pH, Eh (electrical potential of
the solution) and other ions in solution. The solution to this convoluted problem is
achieved through iterative calculations within chemical speciation models.

Table VII. Equilibrium constants for Equations 4.16, 4 17 and 4.18 as a function of
temperature (after Plummer and Busenberg [11])

T ( ° C ) K . .CO2

0
5
10
15
20
25
30
45
60

1.11
1.19
1.27
1.34
1.41
1.47
1.52
1.67
1.78

6.58
6.52
6.46
6.42
6.38
6.35
6.33
6.29
6.29

10.63
10.55
10.49
10.43
10.38
10.33
10.29
10.20
10.14

8.38
8.39
8.41
8.43
845
8.48
8.51
8.62
8.76

For example, consider the distribution of carbon species in a solution
containing CO2 ,NaCl and H2O. The total carbon in the solution will be the sum of
carbon contained in different complex ion pairs:

+ mC02
3-

 + WNaHC03°
 + mNaCOi ( 4 . 2 6 )

The concentration of each complexed ion pair in Equation 4.26 depends on
the concentration of carbon dioxide, sodium chloride and, due to the dissociation
reactions of carbonic acid, is a function of pH. A complete chemical analysis of
the major elements dissolved in groundwater include: Ca2+, Mg2+, K+, Na+, Cl",
SO4

2\ HCO3\ NO3\ pH and dissolved oxygen, and may also include: F", Br\ Fe2+/3",
PO4

3", and trace metals. A complete description of all the complex ions in solution
becomes quite extensive. We can clearly see why it is more convenient to use a
computer code to simultaneously solve for the concentration of each complex ion
pair in this extensive system of equations. But to solve for each ion pair, the
thermodynamic database of the geochemical model must contain the equilibrium
constants for the dominant complexed species Only then can the result accurately
predict the activity of all species in solution.
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4.6 Mineral equilibria

The goal of geochemical modelling is identification of probable reactions
that control the evolution of the groundwater and any chemical changes that occur
within the aquifer resulting from these reactions. It is not possible to know the
exact geochemical reactions occurring at every point in a groundwater system, but
we can determine the average resulting chemical mass balance from our knowledge
of the minerals that comprise the aquifer system and from changes in groundwater
chemistry.

Evaluation of the geochemistry of groundwater must begin with study of the
aquifer geology and the composition of primary minerals present in the geologic
formation, and secondary minerals formed during geochemical water-rock reactions
The chemical composition of groundwater is determined by reactions of water with
minerals present in the soil, vadose zone and aquifer hence knowledge of the
chemical composition of these mineral phases is required.

Detailed mmeralogic investigation on aquifer materials is lacking for most
hydrologic investigations. Without this data it is not possible to conclude with
certainty which geochemical reactions actually occur, only which water-rock
interactions explain the observed data [12]. It is incumbent for the researcher to
review geologic reports and collect samples of aquifer materials for geochemical
analysis. This phase of the groundwater study should consider the points in Table
VIII

Geochemical reactions describe the chemical decomposition of sedimentary,
igneous and metamorphic rocks and minerals that comprise the aquifer.
Decomposition of each mineral phase depends on its stability in the presence of
water and the rate of decomposition varies greatly between minerals.

Table VIII. Points to cover during evaluation of aquifer mineralogy.

Does regional geology control both water flow and mineralogy?
What minerals are present (including petrographic analysis)?
What is the abundance of each mineral (are trace minerals also important)?
Can you identify primary and secondary mineral phases?
What is the chemical composition of each mineral?
Does the mineralogy vary between water bearing zones?
What is the isotopic composition of minerals in the aquifer?
Does the isotopic composition vary between water bearing zones or spatially?

In general, this process of chemical weathering can occur either in the
presence of reactive atmospheric gasses (O2, CO2) referred to as open system
reactions, or as closed system reactions that are isolated from the atmosphere.
Geochemical reactions occurring in regional groundwater systems begin as open
system reactions at or near the recharge zone and move toward closed system
reactions down gradient. The geology of the aquifer and diffusion through the
vadose zone will determine the availability of atmospheric gasses. Any
combination of open and closed conditions can occur along a flow path depending
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on the geology and hydrology of the system. This consideration can affect
interpretation of isotopic data especially when isotopic age dating water.

Before detailed geochemical modelling we should develop a
conceptual geochemical model based on our knowledge of the geology, mineralogy
and hydrology of the system. We consider the geochemical evolution of
groundwater in parts. In the recharge zone(s), water-rock chemical reactions are
controlled by the presence of atmospheric gasses. The dissolution of CO2 provides
a source of hydrogen ion for weathering and O2 is available for reactions with
organic material, metals and mineral phases. If carbonate species are available,
dissolution likely dominates under open-system conditions and silicate minerals will
incongruently weather to clays. Once water has moved down gradient, if no
additional source of CO2 is available, it will be consumed in the process of silicate
weathering or carbonate dissolution. When available CO2 is exhausted, the pH will
rise changing the distribution of species in solution, potentially resulting in
precipitation of minerals from solution (eg. calcite). Dissolved oxygen may be
depleted down gradient through reactions with dissolved organic carbon and
reduced species (eg. Fe2+).

Geochemical models are used to infer water-rock reactions through
evaluation of the water-mineral equilibrium state, but it is unlikely that groundwater
exists in overall chemical equilibrium with the aquifer minerals. Often there are a
small number of mineral phases that appear to be in equilibrium while reactions
progress as a function of water flow, temperature and pressure changes. Therefore,
the geochemical evolution of groundwater is controlled by a combination of
reversible equilibrium reactions and one or more non-reversible reactions related
through common ion effects or changes in activity coefficients, pH or Eh. The net
effect is that geochemical reactions and mass-transfer continue along the flow path
but the water appears everywhere to be in equilibrium with certain mineral phases.

To evaluate the equilibrium state of a groundwater with respect to mineral
phases, the activity coefficients and concentrations are determined using a chemical
speciation model. Using the solubility product equation (Ksp), the measured values
are used to calculated the ion activity product (IAP).

For example, the IAP for anhydrite is calculated as the sum of the activity of
calcium and the activity of sulphate:

CaSOi * Ca2* +
IAP = [aCa2*] [aSOl~] (4.27)

The difference between the theoretical Ksp and the IAP indicates the
saturation state of the water with respect to a given mineral phase. The saturation
index (SI) is defined as:

SI = LOG 1M. (4 .28)
KsP

If the SI is less than zero, the groundwater is undersaturated with respect to
the mineral phase and there is potential for the mineral to dissolve. If the SI is
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greater than zero, the groundwater is over saturated with respect to the mineral
phase and the mineral may precipitate from solution.

Other factors such as kinetic hinderance of reactions, or mineral stability in
the presence of other minerals may also determine whether or not a mineral
precipitates or dissolves. Example I showed three different values for the solubility
product of anhydrite. Any uncertainty in the thermodynamic data will introduce
errors when calculating the Ksp and thus affect the calculated SI.

Example IV.
Calculate the saturation index of calcite and anhydrite for the water chemistry of

Tucson basin Well B-83 given in Example III. The Ksp for calcite as a function of
temperature was given in Table VII. Extrapolation to the temperature of 26.5°C (for Well
B-83), pKcalcite = 8.39. In Examples I and II we calculated the K^ for anhydrite, which
when extrapolated to 26.5°C, p K ^ ^ = 3.81.

In Example III, the activity of calcium, sulphate and bicarbonate species were
calculated as:

[ aca ] = YCa (Ca2+ ) = 0.6999 * 8.23 x 10"4 = 5.76 x 104

[ aso4 ] = YSCM (SO4
2" ) = 0.6902 * 1.14 x 10"3 = 7.87 x 104

[ aHCo3 1 = YHCO3 (HCCV) = 0.9104 * 2.36 x 10"3 = 2.14 x 10"3

The ion activity product, IAP, for anhydrite can be calculated from this data using
equation 4.27:

IAP^drt, = [Ca2+] [SO4
2\| = [5.76 x 10"4] [7.87 x 10"4] = 10"634

thus:

1HJ£ = -3 . 16

Groundwater from Well B-83 is undersaturated with respect to the mineral phase
anhydrite. The negative saturation index indicates there is a thermodynamic potential for
anhydrite to dissolve in this water. To calculate the saturation index of calcite, we first
need the activity of carbonate ion [CO3

2]. We can use the calculated activity of
bicarbonate, equation 4.18 and the data in Table VII to calculate the activity of carbonate
ion as follows:

The IAP for calcite is given by the equation:

CaCO2 •* Ca2* + Cot
IAP = [Ca2*] [CO*1
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and can be calculated as follows:

IAPcalclte = [5.76 x 10-4] [6.45 x 10"6] = 1O"843

thus:

= Log ££

Groundwater from Well B-83 is saturated with respect to the mineral phase calcite.
We can infer from this result that groundwater in this region of the Tucson basin is in
apparent equilibrium with calcite.

It is important to consider apparent equilibrium conditions where the SI is
near zero or remains constant down gradient along a flow path. If water-rock
reactions continue at apparent equilibrium, mass-transfer may not be zero along the
flow path. Evidence for continuation of mass-transfer reactions include
geochemical evidence for mineral abundance, evaluation of additional chemical
data, isotopic results for minerals and/or dissolved species and from mass-balance
modelling of groundwater chemistry. Only when a mineral phase is in chemical
equilibnum and there is no mass-transfer along the flow path can a mineral present
in the system be considered in equilibrium.

Minerals that reach equilibrium and undergo mass-transfer react congrvently
where dissolution and precipitation of the mineral phase can occur during
geochemical reactions. A common congruent geochemical reaction is the
dissolution and precipitation of calcite:

( ca2c i t e ) - Ca2+ + col' (4.29)

At low pH values or where the SI is less than zero, ie: in recharge zones,
reaction 4.29 proceeds as written and calcite dissolves. As geochemical reactions
continue and hydrogen ion (IT) is consumed during weathering of silicate minerals,
the concentration of carbonate ion (CO3 ) will increase concurrently with increasing
pH and reaction 4.29 reverses and precipitates calcite. In both of these cases, the
calculated saturation index of calcite will equal zero. It would be a mistake to
think that because the SI = 0 that calcite no longer takes part in geochemical
reactions when the mineral phase is dissolving at equilibrium in the first case and
precipitating at equilibrium in the second.

Incongruent reactions occur when minerals undergo irreversible mass-transfer
reactions along a flow path and do not reach equilibrium. In this case, dissolution
of the mineral proceeds in a forward step to products that can undergo additional
geochemical reactions.
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One example of an incongruent reaction is the dissolution of anorthite and
the formation of kaolinite:

CaAl2Si2Os [anozthite)+ H2O + 2H+-Al2SI2O5(OH)i {kaollni te) + Ca2 + ( 4 . 3 0 )

Reaction 4.30 can only proceed as written from geochemical reactions in
groundwater systems and the SI of anorthite will be a function, not of this reaction,
but of other geochemical reactions that are controlling the activity of hydrogen ion,
calcium ion and water. We can infer that reaction 4.30 occurs during geochemical
evolution of groundwater by petrographic identification of anorthite and kaolinite in
aquifer materials in combination with supporting mass-balance modelling. The
researcher must consider which of the minerals present in aquifer materials
dominate geochemical reactions and which minerals undergo little or no reactions.

Mineral stability diagrams can be used to infer what geochemical conditions
are necessary for minerals to coexist at equilibrium or to determine which minerals
are stable or unstable in the groundwater system. The interpretation of data with
mineral stability diagrams can be misleading due to uncertainties in thermodynamic
data for minerals controlling hydrogeochemical reactions. Example V shows the
how the basic chemical principles from section 4.5 can be used to construct a
mineral stability diagram.

Example V
Geologic investigation showed the minerals oligoclase, montmorillonite and some

kaolinite occur in the Tucson basin aquifer [13] in Arizona, USA. The balanced chemical
reaction representing the phase boundary between Na-montmorillonite and kaolinite is:

3Al2Si3.6,^0.330,0(0^^80.33+ 11.5H2O + IT => 3.5Al2Si,O5(OH)4+ 4H4Si04+ Na+

To represent this reaction on the mineral stability for the Na2O-CaO-SiO2-H2O
system shown in Figure 2 we must first determine the equilibrium constant for this
reaction.

[Na+] [ 4 4

un
The AGf° of Na-montmorillonite is determined using the estimation technique of

Tardy and Garrels [14,15]:

Component Moles
1.65 A12O3

2.67 SiO2

1 H2O
0.33 Na.0

Gf Component
-382.4
-204.6
-59.2
-175.4

kcal/mol
-630.96
-546.282
-59.2
-57.882
1= -1284.81 kcal/mol
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The gibbs free energy and equilibrium constant of the reaction can be calculated
from the stoichiometrically balanced reaction.

AGren= 19.08 kcal/mol; Ksp = 10135S

The equilibrium of this reaction is represented as a line drawn on Figure 2.
Linearization of the equilibrium equation in log form yields the equation of the line
separating the stability field of Na-montmorillonite and kaolinite.

log Ksp = 4 log [H4Si04] + log [Na]/[H] or
log [Na]/[H] = - 4 log [H4Si04] - 13.99

The line representing the stability of oligoclase is determined using published
thermodynamic data [7] as follows:

(NaAlSi3O8)4» CaAl2Si208 + 19H2O + 6JT => 3Al2Si2O5(OH)4 + Ca+2 + 4Na+ + 8H4Si04

AGf = -20.6 kcal/mol; Ksp = 10+3155

log [Na]/[H] = - 21og [H4Si04] + 7.89 - 0.251og[Ca]/[H]2

The equilibrium constants and lines in Figure 2 that represent the stability of the
silica phases: amorphous silica (a), chalcedony (c) and quartz (q) are represented by the
reaction:

SiO2 f e c o r q ) + 2H2O * H4Si04

AGf = 3 60 kcal/mol; Ksp = 10"254 log [H4Si04] = -2.64
AGf = 4.57 kcal/mol; Ksp = 10335 log [H4Si04] = -3.35
AGf = 5.59 kcal/mol; Ksp = 10"401 log [H4Si04] = -4.01

Similar calculations were made to create the mineral stability diagram for the CaO-
Na2O-SiO2-CO2-H2O system shown as Figure 3 with the addition of two lines that
represent equilibrium of calcite:

CaCO3 + 2IT « Ca2+ + CO2 + H2O

log [Ca]/[H]2 =11.35 at [CO2] = 1015 log [Ca]/[H]2 = 12.84 at [CO2] = 10"30

The activity of groundwater samples collected from the Tucson basin aquifer
[13] are plotted on Figures 2 and 3. The interpretation of these diagrams is
potentially misleading unless they are considered together and possibly with other
mineral stability diagrams that include [K+] and [Mg2+]. When plotted on Figure 2,
Tucson basin groundwater plots within the montmorillonite stability field
constrained by the solubility of the silica phase chalcedony. One inference from
this figure could be that chalcedony is a controlling mineral phase. However, from
petrographic and x-ray investigation show that it is not a dominant mineral m the
aquifer material. We also know that on the time scales of most groundwater flow,
silica phases are very slow to react .
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Figure 2. Mineral stability diagram representing thermodynamic constraints on sodium,
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hydrogen and silica activities for equilibrium reactions between oligoclase, montmorillonite,
kaolinite and gibbsite.
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Reexamination of the same data plotted on Figure 3 shows there is a trend in
the chemistry data along the flow path (arrow shows direction of down gradient
geochemical evolution). Interpretation of Figure 3 suggests geochemical evolution
of the Tucson basin groundwater is controlled by the incongruent dissolution of
oligoclase to montmorillonite, not by chalcedony. The data plot along the
plagioclase-montmorillonite phase boundary in Figure 3. The recharge water
incongruently reacts with plagioclase precipitating montmorillonite. Down gradient
waters plot along a trend upward (arrow Figure 3) as geochemical reactions
continue under closed conditions when pCO2 is consumed as a source of hydrogen
ion and the groundwater reaches an apparent equilibrium with the mineral calcite.
To verify this inference, mass-balance and mass-transfer modelling of these
groundwater samples must support this assumption without violating any mineral
phase boundaries.

4.7 Chemical speciation modelling

The previous sections of this chapter have shown that much of geochemical
modelling is conceptually based, dependent on our understanding of chemical
processes. To assist this process, computer codes are available that perform
complex chemical and mass-balance calculations. Chemical speciation models are
based on the concept of ion pairs and equilibrium chemistry presented in section
4.5. Our interpretation of results when using these models relies on the accuracy
and reliability of thermodynamic data and analytical results for groundwater
chemistry.

The data required for chemical speciation modelling of groundwater are the
concentrations of the major elements in solution (field determination of alkalinity is
needed for accurate calculation of pCO2), the concentration of any minor or trace
elements in solution that are of interest to the study, accurate pH and temperature
(at time of collection), Eh and/or dissolved O2 (if oxidation state of groundwater
and metals is of interest), and relevant thermodynamic data. A guide to reliable
chemical data for each groundwater sample is the charge imbalance calculation
(equation 4.31).

In general, the charge imbalance for good analytical data is within 1 percent.
The use of chemical data for geochemical modelling of groundwater having a
charge imbalance of more than 5 percent can propagate errors and should be
considered carefully.

L . (Mi,zi) cations - i i M i O J J S

% charge imbalance = - ^ ii *100 (4 .31)
£ {Mi,zi)catioas + £ {M^zJ
1=1 1=1.1=1 1=1

Assessing the validity of thermodynamic data used in a chemical speciation
model can be difficult. Many of the codes listed in Table IV were developed to
solve a specific class of problems in aqueous geochemistry. Users of these codes
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should consider the valid application of each model and the source of
thermodynamic data used by the model.

It is acceptable to supplement or change thermodynamic data for a given
model if the use carefully evaluates calculated saturation constants (from the
literature or laboratory studies). The user of chemical speciation models should
consider adding minerals or species that are of interest for each groundwater system
to the thermodynamic data base.

For example, if the mineral fluorphlogopite (KMg3(AlSI3Oi0)F2 is present in
a hydrostratographic unit of interest and high fluoride concentrations have been
measured in groundwater and are suspected to have resulted from the
decomposition of this mineral, the solubility constant (Ksp) can be calculated from
the AGf° (-1461.63 kcal/mol) [15]. This thermodynamic data can be added in the
format specified by the model and used to calculate the saturation mdex of
fluorphlogopite for all groundwater samples that have total chemical analyses
including [K], [Mg], [Al], [Si] and [F].

Ongoing efforts to question the reliability of thermodynamic data and to add
new species of interest to geochemical models will reduce internal inconsistencies
between mineral-water equilibrium constants and observed groundwater
geochemical systems.

Mass balance for each element, charge balance for the solution and
equilibrium expressions for complex ion pairs are used to constrain the speciation
of ions in solution. The mass balance expression is used to balance the analytical
concentration of an element with the distribution of the element between ion pairs
in solution.

(4 .32)

where / is the total number of species in solution, m, is the molality of each species
or ion pair that contains element m in solution, and (mj)t is the total analytical
concentration.

The charge balance equation requires that the sum of the charges for all
positive and negative species in solution combine to zero [16].

cations = £ (™i> Zi) anions ( 4 - 3 3 )

For equation 4.33, include all ions of elements m in solution where z, is the charge
on the ion or ion pair in solution. Let us again consider the system including CO2,
NaCl and H2O. The mass balance expressions used to determine the total carbon,
sodium and chloride in solution are:
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mcT = •

mNaT =
mClT

 =

mH2C0l
mNa*
mci-

+ mHco;
+ mNaHCOf
+ mNaCl°

+ mcoj-
+ mNaCO

+ mNaHCO° + mNa

'/ + mNaCl°

co; (4
(4
(4

. 3 4

. 3 5

.36

The charge balance equation (4.33) would balance all of the positive and
negative charges from equations 4.34, 4.35 and 4.36. This system of equations is
used to determine the activity of a master species for each element and solves for
the distribution of complex ions in solution using mass action expressions and the
known thermodynamic data for ion association equilibrium expressions.

Computers are ideal to handle the repetitive iterations required to converge
on a solution for speciation modelling and resulting in calculation of concentration
and activity for each species and ion pair in solution, calculation of the partial
pressure of gas phases and the saturation indices of mineral phases.

Oxidation-reduction reactions may also be of interest when studying
geochemical water-rock reactions. The dissolution of reduced minerals, eg: iron
sulphide, often occurs through reactions with dissolved oxygen. The stability of
many trace elements in groundwater is dependent on the oxidation potential of the
water. These include distribution of sulphur between hydrogen sulphide and
sulphate, the speciation of nitrogen between the reduced and various oxidized states
and the oxidation of dissolved organic carbon (DOC).

Dissolved organic matter (DOM) can be derived from naturally occurring
organic matter in aquifer materials, DOC in recharge water, organic matter washed
into karstic systems or from waste disposal and mining activities. The oxidation of
organic matter may deplete dissolved oxygen down gradient.

Some trace metals are much more toxic in the reduced state than in oxidized
states, eg: Cr6+ is much more toxic than other more oxidized states. To provide
insight into the redox chemistry of groundwater and the presence and oxidation
state of metals in a groundwater system, we can apply the same approach of
equilibrium modelling.

We can write a balanced oxidation-reduction reaction between element A and
electrons.

= Azeduced ( 4 . 3 7 )

Given equation 4.37 we can calculated the Gibbs free energy, AGr°, and the
equilibrium constant for the reaction.

\ A 1v - ^reduced* IA 1 f i )Kredox - -~~ ( 4 . 3 8 )

The activity of the electron is easily measured in a groundwater system or
can be estimated from the concentration of dissolved oxygen. Therefore, equation
4.38 is usually expressed as a function of the activity of the electron.

pe = -Log[e~] = A LogK - Log / f r e d u c e d \ } ( 4 . 3 9 )
" L '•"•oxidized' J
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and:

Eh = 2--"2RT 1 \LogK - Log [A*°*"=°*\ I (4.40)

where i*"is the Faraday constant. Eh is generally measured in volts and pe is a
dimensionless value like pH. If study of trace metal geochemistry is important for
a given groundwater system, it is important to measure the Eh and dissolved
oxygen during sampling in the field.

Balance oxidation-reduction reactions are by convention written to represent
the transfer of only one electron to simplify electron balance calculations. A
detailed discussion of electrochemical reactions and associated phase diagrams is
beyond the scope of this chapter, but a detailed discussion can be found in a
number of the suggested readings.

The redox state of the groundwater can be used to balance electron transfer
in mass-transfer models. Geochemical modelling and isotope hydrology can offer
insight into chemical reactions for groundwater systems that undergo redox
reactions (ie: methanogenisis, oxidation of dissolved organic matter, oxidation of
sulphides).

Redox state is defined by Plummer et al. [17] as:
i

RS = Y (v^/nj (4 .41)

where v; is the operation valence of species m;. To use mass balance models to
determine the transfer of electrons in a groundwater system, accurate measurements
of oxidized and reduced species are needed, ie: for balancing sulphide oxidation
reactions measurement of H2S, HS", SO4

2', pH, Eh and O2 are needed in addition to
the normal chemical analysis. The concentration of dissolved organic matter should
also be measured when electrochemical reactions are of interest. It is more difficult
to accurately define balanced electrochemical reactions due to uncertainties in
thermodynamic data and measurement errors.

Propagation of errors, including those in analytical data, thermodynamic data
and computation add to uncertainty in the computed saturation indices for mineral
phases It is important for those using geochemical models to evaluate these
uncertainties and how they affect the interpretation of water-mineral reactions in
groundwater systems.

Uncertainty in the calculated SI will vary between mineral phases depending
on analytical data and thermodynamic data. For instance, uncertainties in the
calculated saturation index of calcite depend on errors in calculating the activity of
calcium ion, carbonate ion and the Ksp of calcite. Given good analytical data, this
uncertainty is generally better than ±0.1. The SI of dolomite (CaMg(CO3 )2)
includes additional uncertainties in calculating the activity of magnesium. The SI
of siderite (FeCO3) includes uncertainty in the activity of Fe2+ including the
distribution of iron species between oxidation states calculated from Eh or dissolved
O2 when ferric ion is not specifically measured.
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For complex alumina-silicate minerals the propagation of errors can mcrease
uncertainty in the calculated saturation index to more than + 0.5. Uncertainty in
the calculated saturation index for complex silicate minerals could potentially result
in unreliable results. It is important to critically examine these questions to reduce
potential over-interpretation of chemical speciation results.

4.8 Mass balance - mass transfer

The inverse modelling technique uses mass balance calculations to ascertain
the amount of mineral phases dissolving or precipitating along a defined flow path
between the representative recharge well and each down gradient well. At this
step we combine the conceptual model of water-mineral reactions with the
measured chemical composition of mineral phases, and the concentration of
dissolved elements in initial groundwater (recharge source) and final groundwater
(down gradient well). This method is based on the conservation of mass and
electrons during geochemical evolution of groundwater and was represented by
Plummer et al. [17] with the equations:

«A.* = J A^t,* (4-42)

(4 .43)

p=l
I I

i=l 2=1

Equation 4.42 represents a reaction where the net moles of each element
entering or leaving the solution through processes of dissolution, precipitation,
biological activity, gas transfer or isotopic exchange is summed for all mineral
phases, P, where ap is the mass transfer coefficient representing the number of
moles of p* mineral phase dissolving (positive) or precipitating (negative) from the
solution; bp k is the stoichiometric coefficient of the k* element in the p* mineral
phase, Am,̂  is the total change in mass (final water minus initial water) of the k*
element in solution. Mass balance of the electron is calculated from the change in
redox state from between initial and final waters.

The solution of the mass balance equation defines a balanced chemical
reaction and the change in mass for each mineral phase:

Groundwater\niUal + primary minerals —> Groundwaterfmal + secondary minerals

There may not be a unique solution for this balanced chemical reaction. In
this case, we must combine the results of mass balance calculations with the results
of chemical speciation modelling, mineralogic investigation, and our conceptual
understanding of groundwater flow and geochemical evolution to identify solutions
that are inconsistent.

Results from mass balance calculations are not constrained by
thermodynamics and thus can result in thermodynamically invalid mass transfer.
The saturation state of a mineral gives us an indication of the thermodynamic
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potential for dissolution or precipitation and we would expect the mass balance
results to be consistent with the saturation index. A given mass balance result
would be suspect if the solution predicts precipitation of a mineral phase between
the initial and final samples, yet the saturation index indicates that both
groundwater samples are undersaturated with respect to the same mineral phase.
Interpretation of the saturation index of various minerals calculated for groundwater
in the Tucson basin system is described in the following example.

Example VI
The conceptual model of geochemical evolution of groundwater in the Tucson

basin [13] begins with water-rock interactions in the recharge zones that are driven by
high pCO2 values. The CO2 is a source of hydrogen ions for incongruent weathering
reactions of primary silicate minerals and the dissolution of carbonate phases. As
groundwater flows down gradient, the system is closed to CO2 and the calculated pCO2

should decline as carbon dioxide is consumed as a source of hydrogen ion for silicate
weathering. Reactions with ubiquitous calcite should results in down gradient water in
apparent equilibrium with carbonate phases.

Figures 4 and 5 show the change in pCO2 and the saturation index of calcite as a
function of distance from recharge down gradient. The results of mass balance modelling
should be consistent with thermodynamic constraints on CO2 (dissolution) and calcite.
From Figure 5 it is not possible to predict if mass transfer (precipitation or dissolution) of
calcite continues after the groundwater has reached saturation, but mass transfer can be
predicted with mass balance results. Note error bars were calculated for the saturation
index for each sample.

Figures 6 and 7 show the saturation index for selected silicate minerals as a
function of distance from recharge zone. The SI for silicate minerals have greater
uncertainty due to compounding of analytical errors.

The saturation index of chalcedony is essentially constant down gradient suggesting
an apparent equilibrium of this mineral phase, and geochemical reactions in the Tucson
basin probably do not include chalcedony. Results of mass balance modelling should not
predict dissolution or precipitation of chalcedony (SiO2) during geochemical evolution of
groundwater.

The saturation index of plagioclase is highly variable and shows a general trend
toward equilibrium along the flow path. Plagioclase is undersaturated everywhere in the
Tucson basin and mass balance reactions should only predict dissolution of plagioclase.

Both mineral phases kaolinite and montmorillonite are over saturated along the
flow path and show declining trends toward equilibrium from recharge to down gradient
wells. Kaolinite and montmorillonite were found during petrographic and XRD
investigation of aquifer materials and were suspected products of the incongruent
weathering of orthoclase and plagioclase respectively. Results of mass balance
calculations should predict the precipitation of clay mineral phases during reaction path
modelling.
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Figure 4. Calculated partial pressure of carbon dioxide for Tucson basin groundwater as a
function of distance from recharge source.
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Figure 5. Calculated saturation index of calcite for groundwater in the Tucson basin as a
function of distance from recharge source.
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Figure 6. Calculated saturation index of oligoclase and montmorillonite for groundwater in
the Tucson basin as a function of distance from recharge source.
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Figure 7 Calculated saturation index of kaolinite and chalcedony for groundwater in the
Tucson basin as a function of distance from recharge source.
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Kilometers

Figure 8. Location of 9 groundwater samples that are hydrologically related along the same
flow path as defined by the piezometric surface of groundwater in Tucson basin aquifer
(1988).
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Figure 9. Calculated mass transfer of calcite, oligoclase and montmorillomte along the
reaction path defined in Figure 8.
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Petrographic and XRF/XRD identification of secondary mineral phases are
used to confirm mass balance results that suggest precipitation of minerals (ie: the
presence of secondary calcite is evidence of calcite precipitation). We expect that
mass transfer will continue in the same direction along the flow path unless there is
a change in the hydrology (ie: additional recharge or discharge) or a change in
controlling geochemical conditions (ie: moving from open to closed conditions) In
these cases, mass transfer may change sign as geochemical evolution of
groundwater continues. Some mineral phases will dissolve near the recharge source
and, due to subsequent geochemical reactions, will precipitate further down
gradient. Again, evaluation of the saturation index will confirm the potential for
this behaviour. Inconsistent results may occur when the initial and final
groundwater samples are not hydrologically related along the same flow path. It is
important to critically review the hydrologic controls for initial and final
groundwater samples used for mass transfer calculations. The following example
shows how mass transfer results confirm our understanding of the geochemical
processes dominating a groundwater system.

Example VII.
Here we will examine how geohydrology affects the calculated mass transfer along

one flow path in the Tucson basin [13]. The potentiometric surface of groundwater was
determined from water elevations measurements (Figure 8). Nine wells that are
hydrologically related were chosen to define a reaction path the followed from recharge in
the eastern basin to discharge in the north-central basin. The chemistry of these waters
were analyzed with chemical speciation modelling. The results of geologic investigation
were used to determine the controlling geochemical water-rock reactions [13].

The calculated mass transfer (Figure 9) shows the incongruent dissolution of
plagioclase to montmorillonite continues along the flow path. This result confirmed our
hypothesized interpretation of mineral stability diagrams and calculated change in
saturation index. The mass transfer of calcite varies from; dissolution - precipitation -
dissolution - precipitation. The interpretation of the calculated mass transfer of calcite is
initially problematic because the saturation index for down gradient water suggests
equilibrium with calcite.

This flow path is an example of how mass transfer of calcite occurs as both
dissolution and precipitation at equilibrium. Initially, calcite dissolves as a result of
geochemical reactions in the recharge zone and approaches equilibrium (Figure 8,9 point
1). Once under closed geochemical conditions, pCO2 is consumed as weathering of
plagioclase continues (points 2-5). The subsequent rise in pH increases the activity of
[CO3

2] and calcite precipitates under equilibrium conditions.
Recharge from the Pantano river in the east-central basin brings in aggressive,

undersaturated water and the geochemical system is again open to pCO2 (point 6). At this
point calcite dissolution occurs at equilibrium. Finally, silicate weathering again forces
the precipitation of calcite as closed geochemical conditions prevail down gradient (points
7-9). Isotopic validation of this hypothetical set of reactions is one way to assure us they
are valid.
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In regional groundwater systems, large jumps or changes in mass balance
calculations are unusual and may signify either misinterpretation of the relationship
between initial and final groundwater samples, or possibly important unknown
hydro logic or geologic changes (ie: introduction of contaminants or change in
lithology).

If detailed study of an aquifer is required, the density of sampling points
used in mass balance calculations can be increased. When increasing sampling
density, the calculated mass transfer can more closely relate to actual mass transfer
in the aquifer, but the affects of aquifer heterogeneity and the screened sampling
interval become more important. At large scales, hydrodynamic dispersion along a
flow path between widely spaced sampling points is incorporated in the results of
mass balance calculations. But for closely spaced sampling points, separation of
dispersive and reactive controls on groundwater chemistry are not possible.

Mineral stability diagrams and chemical speciation can be used to infer
thermodynamic control of water-rock reactions in the absence of forward modelling.
However, when possible, the forward solution can be used to compute changes in
distribution of species in response to changes in the chemical composition of water,
temperature and pressure, mineral dissolution or precipitation and irreversible
reactions. The geochemical models PHREEQE [18] and EQ3/6 [19] are two of the
commonly used forward models. The use of the model PHREEQE is discussed in
depth by Plummer et. al [17]. Application of forward modelling requires, from the
user, a solid background in geochemistry of groundwaters and a good
understanding of water-rock chemical reactions.

Forward modelling is constrained by the thermodynamics of water-rock
chemical reactions and can be used to validate the results of mass balance
calculations and eliminate solutions that violate thermodynamic constraints of
water-rock geochemical reactions. Forward modelling is not required to confirm
geochemical evolution of groundwater, but is another tool for interpretation and
validation of mass balance results.

Each of the plausible results from mass balance calculations can be checked
with forward modelling. If, after forward modelling, the number of plausible
models is reduced to one then a unique solution has been found that defines
geochemical evolution of the groundwater, but this is often not the case. To find a
unique solution for the geochemical evolution of a groundwater system new
information, such as isotopic data, should be used to reduce the number of plausible
reactions.

4.9 Isotopic validation of geochemical modelling

Isotopic data is potentially a key component for interpretation of
geochemical reactions occurring in groundwater systems. The isotopic composition
of various elements contains a record of the initial isotopic composition of water
during recharge and of subsequent chemical reactions or mixing that occurred down
gradient. Isotopic results are independent of the process of speciation modelling
and mass balance calculations and therefore, it can provide a valuable check on the
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computed mass transfer. Isotopically balanced reactions are easily combined with
balanced chemical reactions, and are used to compare the isotopic composition of
elements measured in the final water with calculated values.

Ca 1 2CO, + l 2CO2 + H2O * Ca2++2H12CO^ ( 4 . 4 4 )

Equation 4.44 represents the dissolution of carbon dioxide and calcite in a
groundwater system. The carbon isotopic composition must be known for each
phase if it is to be used to validate the stoichiometric mass balance of equation
4.44. The confidence we apply to the results of isotopic mass balance is related to
confidence in the measured values. Extrapolating equation 4.44 to include all
carbon phases that take part in a balanced geochemical equation might include
some or all of the following; CO2, CaCO3, CaMg(CO3)2, CH4, HCO3\ FeCO3 and
DOC. Only when the isotopic composition of all these species is known can an
accurate mass balance of the stable isotopes of carbon be realized.

It is important to recognize which phases have significantly affect on the
final isotopic composition of water, and which phases have secondary affects.
Many geochemical study have assumed isotopic values for one or more of the
controlling phases, thus introducing errors in the final result. The geochemical
modeller must consider which species are dominating the geochemical evolution of
a given groundwater system and measure the isotopic composition of each. This
involves measurements to insure that spatial variation in the isotopic composition
along the flow path are accounted for.

There are a large number of isotopes that indicate hydrogeochemical
information such as mineral dissolution, recharge sources, mixing of waters,
hydrostratographic facies, temporal movement of water and contamination from
anthropogenic sources. Isotopes that can be used to validate mass balance reactions
include: 13/12C, 14/12C, 15/14N, 18/16O mOmdsOi),

 MH, 3H, 4/3He, 34/32S, 37/35Cl, 36C1, 6/7Li,
and 87/86Sr.

When choosing which elements to use for isotopic study and validation of
mass balance, it is important to first consider the potential information that each
isotope might provide and how the results of the isotopic measurement will be used
to constrain the mass balance reaction. For instance, 18/16O of water is useful for
determining the source of recharge and can be used to calculate a mixing ratio
between two sources of water, but if the isotopic difference between the two
sources approaches the errors in measurement, it is then meaningless to spend time
and resources on these measurements.

(4 .45 )

RMB is the resolution of mass balance calculated from the difference between
two end member isotopic measurements, Iel and Ie2 having errors of <ycl and ae2

respectively. A few initial measurements can determine the worth of applying
isotopic data for validation of mass balance.
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Table IX Resolution of mass balance for hypothetical isotopic measurements. Error and
difference in isotopic ratio affect the resolution of potential mass balance and mixing
calculations.

Isotope
834S
3H
6I5N
837C1

End member 1
-14.0 + 0.2
< 1.0
+3.0+0.2
+1.0±0.1

End member 2
+14.0 ±0.2
40±0.5
+8.0+0.2
-1.0±0.1

Resolution
1:100 (la)
1:80 (la)
1:25 (la)
1:20 (la)

of mass
1:50
1:40
1:12.
1:10

balance
(2a)
(2a)
5 (2a)
(2a)

Uncertainty in the initial isotopic composition of each phase ultimately
accounts for much of the error assigned to results of isotope mass balance
validation of geochemical reactions. Uncertainties of various carbon species in the
carbonate system can have a large affect on the mass balance corrected radiocarbon
age of groundwater. We can examine uncertainties in mass balance and isotope
balance modelling by studying the affect of uncertainty on our calculations.

The equation that describes the isotopic balance of carbon based on the mass
balance of carbon species entering or leaving the groundwater system as a result of
geochemical reactions (after Wigley et al. [20]) is:

CL.) ( 4 . 4 6 )
i-i " " j=i J J

where Ctot is the total dissolved carbonate in the groundwater; R is the isotopic ratio
of dissolved carbon (S), the carbon entering the groundwater (E; ) from phase 1, and
leaving the groundwater (Lj ) to phase j , Cei is carbon entering the groundwater
from source i, and CLj is carbon leaving the groundwater to phase j . The solution
of equation 4.46 is derived from results of mass balance calculations and isotopic
measurements. This solution does not include uncertainty in the data. Example
VIII shows how this uncertainty can affect the modelled radiocarbon age of
groundwater.

Example VIII.
The data in Table X was collected for study of the spatial variation in isotopic

composition of carbon dioxide in recharge zones for a number of groundwater systems in
Arizona [13,21]. Results of geochemistry and isotope hydrology were used to determine
mass transfer and age dating of groundwater in the Tucson basin as part of collaborative
research with the USGS and the IAEA Coordinated research programme on mathematical
models and their applications to isotope studies in groundwater hydrology.

The measured isotopic composition of soil carbon dioxide is required to fix the
initial carbon isotopic composition of CO2 dissolving in groundwater at recharge. This
value influences the initial carbon isotopic composition of groundwater to be used to solve
the isotope mass balance of chemical reactions and for correction of radiocarbon age
determination
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The variance of real data is much greater than analytical error. Pearson [22]
addressed this problem by examining the affect of measurement errors, both chemical and
isotopic, to the solution of equation 4.46. If the variance of the initial carbon isotopic
composition is applied to equation 4.46, we can identify how uncertainty will affect mass
balance results.

Monte-Carlo simulation of the variance in measured stable isotopic composition of
initial sources of carbon has been applied to the mass balance result for Tucson basin Well
A-3. Even though there appeared to be a unique solution for the result of mass balance
calculations, we find that when uncertainty in the data is added, there is no longer a
unique solution. The corrected radiocarbon age of groundwater no longer has a single
value but a distribution (Figure 10) of corrected ages. Therefore, the geochemical
modeller should balance the results of modelling with knowledge of uncertainties in data.

Table X. Soil CO, samples

Site Name

Stone Cabin*
Sol Rhea*
Sheep Canyon
Camp Mohave
Miller's
Huachuca Spring*
McClure's
Dragoon
South Pass
Road Cut
Tule*
Big Bend*
Carr Canyon
Millers
Cochise
Rucker Cottonwood
Peppersauce*
Copper Creek
Muskhog
Cave*
LWC
Carr Canyon
Marijilda Wash
E Turkey Creek
Iron Spring*
Mud Springs

Average Value
Variance (%o)

from recharge zones of Arizona

Winter 813C (%o)

-20.1/-20.1
-21.1/-21.0
-19.3
-22.5

-22.0/-21.8
-20.0
-20.4
-17.0

-20.1/-20.1
-20.6/-20.4

-19.9
-20.5
-22.1/-22.0
-18.1
-17.5
-19.8
-23.1
-18.9
-18.0
-20.4
-19.5/-19.5
-19.8

-20.01
1.56

groundwater systems [21].

Summer 513C (%o)

-19.7
-19.4
-18.4
-22.7
-21.1
-21.0
-21.4
-193
-17.5
-21.3
-16.7
-19.5
-21.6
-19.1
-20.1
-21.9
-21.2
-19.2
-18.0
-23.1/-23.3
-19.0
-21.6
-20.4
-20.4
-20.9

20.18
1.55

* Two samples were taken for a quality assurance check of vacuum line techniques and
mass spectrometric results. All I3C values have a standard deviation of+/- 0.1 permil
PDB
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Inclusion of more than one isotope in mass balance calculations is often an
effective means of limiting the propagation of errors and the number of potential
solutions. The geochemical modeller must weigh the potential benefit of each
isotopic measurement with the need to find a unique solution for the mass balance
results. This evaluation should also consider the overall goals and study objectives.

If tritium measurements for a particular groundwater system show no
evidence of palaeowaters, then stable carbon and radiocarbon measurements will
not reveal additional information about the age of the water. However, if the
groundwater system lies within a karstic terrain and the question of water-rock
reactions and isotopic exchange with carbonate minerals along the flow path are of
interest, then a combination of stable carbon and radiocarbon measurements can be
used to validate these reactions.

As the complexity of the groundwater system increases, or there is an
increased need to refine our understanding of groundwater geochemical evolution,
the conceptual and mass balance models can evolve to include additional
information.

Let us briefly consider how chemical reactions and isotopic exchange can
affect the stable carbon and radiocarbon isotopic composition of groundwater and
minerals. The age dating of groundwater with radiocarbon depends on how we
interpret the following questions; 1) what proportion of the TDIC in groundwater
is derived from atmospheric CO2 at time of recharge; and 2) how does isotopic
exchange alter the radiocarbon content of TDIC?

Uncertainties in answering the first question are compounded by our lack of
understanding of recharge mechanisms. This includes realization of what non-
atmospheric sources of carbon exist in the vadose zone and their apparent
contribution and radiocarbon age (ie: old soil carbon). Radioactive decay of
carbon-14 in the soil zone is generally assumed negligible, but if recharge occurs
through geologically old soils, biologic respiration may dilute the carbon-14 of
atmospheric CO2 We must also consider the validity of extrapolating present
hydrologic conditions into the past without considering climatic change.

Under normal geochemical conditions, the main source of carbon in
recharging groundwater comes from soil CO2. As pointed out before,
measurements of the isotopic composition of carbon in the soil zone are needed to
properly model carbon mass balance. The reaction of carbonic acid with carbonate
minerals dilute the initial carbon isotopic composition. If carbonate minerals occur
in the recharge zone, the initial isotopic composition of groundwater will be a
mixture of these two sources

In the open systems, isotopic exchange between the gas and liquid phases
may occur [23].

riCO2 + H12COj * 12CO2 + HXiCOi (4.47)

To account for the concurrent dilution and isotopic exchange, a value of
85+5 % is used as an empirical value assigned to the concentration of carbon-14 in
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recharge water [23]. Inclusion of isotopic exchange reactions into mass balance
modelling can calculate the expected carbon isotopic composition of recharge water
if isotopic enrichment factors and the isotopic composition of all phases are known.
The mass and isotope balance model NETPATH [6] allows the user to choose
enrichment factors of either Mook et al. [24] or Deines et al. [25] for calculation of
mass balance and isotopic exchange.

The oxidation of dissolved organic matter will add carbon to the
groundwater TDIC. Even in semi-arid regions, DOC may approach 10 mg/1 in
recharge waters [21]. Aquifer materials may contain kerogen and other organic
matter. Where organic matter comprises a significant input of carbon to a
groundwater system, the isotopic composition of the organic matter should be
investigated and the mass balance and isotope balance of DOC should be included
in the modelling effort.

Down gradient dissolution of carbonates are generally described under open
or closed geochemical conditions. There is not a sharp boundary between the two
cases so the geochemical modeller must set limits that define open and closed
states. In practice, results of speciation modelling can be used to set the boundary
between open and closed conditions at the point down gradient where pCO2 begins
to decline along the flow path.

Isotopic exchange is not limited to interaction between CO2 and water but
may occur between the liquid and solid phase as well.

Ca12CO2 + H^COi * Ca1ACO2 + tf12CO3~ ( 4 . 4 8 )

Where this reaction occurs, it is assumed to be surface reactions resulting in
localized microscopic dissolution/precipitation. Though not well defined, the
isotopic fractionation between the liquid and solid phase is probably very small [26,
27]. For closed system reactions, the affect on the I3C and 14C of TDIC from
isotopic exchange with the solid phase will vary depending on the difference
between the isotopic composition of both.

The interpretation of geochemical reactions during groundwater recharge at
steady state depends on which temporal resolution is chosen. Dissolution of
secondary calcite phases may occur as pulses of undersaturated recharge water
moving rapidly through the recharge zone and along a given flow path.
Precipitation of calcite may occur at the same point when flow rates are lower and
kinetically slower silicate weathering reactions begin to dominate. It is important to
consider the temporal variations in the groundwater system and collect samples at
appropriate times.

In an open system, the 613C and 14C of secondary calcite would be similar to
the isotopic composition of groundwater TDIC (Equations 4.47 and 4 48).
Identification of exchange reactions in groundwater systems is difficult. For some
groundwater systems the water is in apparent equilibrium with respect to calcite but
mass transfer reactions still continues. Confirmation of mass transfer and isotopic
exchange reactions require collection and isotopic analysis of carbonate mineral
from aquifer materials at points down gradient. The following example shows how
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Figure 10. Distribution of mass balance corrected radiocarbon ages of groundwater after
Monte-Carlo simulation of uncertainty in isotopic and analytical data.
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Figure 11. Variation in carbon isotopic composition along reaction path defined in Figure 8.

193



carbon isotopes were used to interpret hypothesized geochemical reactions for the
Tucson basin flow path described in Example VII.

Example IX.
Isotopic validation was required for the flow path defined in the Tucson basin for

Example VII. Along this flow path, we hypothesized that recharge waters dissolve calcite
due to dissolution of pCO2 and then during closed geochemical conditions, pCO2 is
consumed for weathering of plagioclase and calcite precipitates under equilibrium
conditions. However, additional recharge from the Pantano river added aggressive water
and open geochemical conditions are suspected before geochemical evolution continues
under closed conditions down gradient.

Carbon isotopic measurements were made on calcite in the recharge zone to verify
open system dissolution and isotopic exchange reactions, and to determine the appropriate
isotopic composition of calcite for mass balance modelling (Table XI). The 13C and 14C
isotopic composition of carbonates show that both processes occur as expected. Mass
transfer results (Figure 9) predict calcite precipitation down gradient. Carbon-14 is
ubiquitous in Tucson basin groundwater, and we would suspect that calcite at depth should
have a finite radiocarbon activity Results of stable and radiocarbon analysis of secondary
calcite collected from three cores at ca. 180 metres depth in the central basin have
measurable MC activity.

Table XI. Carbon isotopic measurements made on mineral phases and recharge water in the
Tucson basin [21].

Sample 813C (PDB) 14C (pMC)

Calcrete in river bed (collected 1966) -14.3 ± 0 1 151.3 + 3.3
Soil carbonate near surface of recharge zone - 6.1 + 0.1 66.0 + 2.0
Avg. - 7 carbonates beneath surface of recharge zone - 3.4 + 0.5 21.5 + 8.5
Avg. - 3 carbonates from well cuttings (180 metres depth) -2.7 + 0.2 1.0 + 0.4
Avg. - 5 groundwater at recharge zone -15.1 + 0.3 113.5_+ 4.2
Soil CO2 -20.1 ± 1.5 Modem

The calculated pCO2 and change in carbon isotopic composition of TDIC along the
modelled Tucson basin flow path are shown in Figure 11. High pCO, in the recharge zone
is confirmed and, as the water moves down gradient, closed conditions occur. At the
Pantano river, the pCO2 increases confirming expectations that open geochemical
conditions occur at this point along the flow path. Finally, decreased pCO2 down gradient
confirm closed conditions again.

Mass transfer calculations predict carbonate dissolution for samples 1-4 and 6.
Isotopic measurements of these waters show evidence of 13C enrichment resulting from
dissolution of calcite. Precipitation of calcite is predicted by mass transfer modelling for
samples 5 and 7-9. As expected, isotopic exchange with the solid phase these waters
produce little enrichment of 13C from previous water up gradient.

Radiocarbon concentrations for samples 1-3 define the bomb pulse of post-1964
recharge water in the Tucson basin (diluted as a result of dissolution reactions with
calcite). Carbon input to the groundwater system at the Pantano river is confirmed from
the increase in 14C for TDIC between points 5 and 6 where modern pCO2 is introduced.

194



Conceptual Model and Data Collection

/Hydrologic \
\Modelling

Geologic
Study

ineralogi
study

Speciation
modelling

Mineral
Stability "X
Diagrams/

n o / Calibrated
model

Groundwater
Age
Dating

Validated Hydrologic
and Geochemical Models

Figure 12. Schematic of the logical approach to the combined use of hydrologic, geochemical
and isotopic investigation of groundwater systems.

Radioactive decay and closed geochemical reactions change the 14C activity in down
gradient groundwater between points 4-5 and after point 6.

The observed variations in carbon isotopic composition for groundwater along this
flow path have supported geochemical reactions inferred from results of mass balance
calculations. This has increased our confidence in the conceptual model of geochemical
reactions and we are justified in using the results of mass transfer calculations to calculate
corrected radiocarbon ages of groundwater along this flow path.
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Table XII. Water chemistry, isotopic composition and mineral saturation indices of two
wells, one representing recharge at the mountain-pediment interface and the other,
palaeowater down gradient [21].

Species

Temp. (°C)
pH
Ca2+ (mg/1)
Mg2" (mg/1)
Na" (mg/1)
K+ (mg/1)
HCO3 (mg/1)
SO4

2 (mg/1)
Cl -(mg/1)
Si (mg/1)
Al (mg/1)
3H (TU)
13C (%o PDB)
14C (% Mod)
18O (%o SMOW)
D/H (%o SMOW)
34S (%o CDT)

Molality Ratios

Ca/Na
Mg/Na
SO4/C1

Calculated Saturation Index

SI Calcite (13C = -2.4
SI Gypsum (est 34S =
SI Plagioclase
SI Montmorillonite
SI Orthoclase
SI Kaolinite

Recharge Well

25.4
6.9

24.3
12.6
42.6
4.3

200
40.4
40
22.8
0.08
8.0 ±2.0
-12.0 ±0.1
99.6 ± 0.6
-9.1 ±0.1
-66 ±2
+6.7 ±0.5*

0.33
0.28
0.45

%o) -0.86
14.0 %o) -2.38

-0.67
4.98
0.68
598

Down Gradient Well

43.3
8.1

13.6
2.6

155
7.5
146
317
34
29.8
0.08
< 1.0
-10.7 + 0.1
16.5 ±0.6
-10.7 ±0.1
-80 + 2.0
+12.4 + 1.3*

0.05
0.02
4.13

0.02
-1.89
-0.87
0.52

-0.06
1.81

* average values for 34S of groundwater in recharge zones and groundwater from deep
stratigraphic units

Geochemical modelling and hydrologic modelling should be considered an
evolutive process. Validation of our understanding of groundwater flow with
geochemistry is dependent on our confidence in both modelling efforts The
global hydrologic system is dynamic and is scale dependent, both spatially and
temporally.

Variations in the physical controls of water movement in groundwater
systems occur on scales ranging from hours to centuries. It is therefore important
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for the modeller to appreciate the scale to which the models, geochemical,
hydrologic and isotopic, are appropriate as well as the underlying assumptions and
uncertainties in their efforts. To summarize this, Figure 12 presents a schematic for
the general logic of coupling hydrologic modelling, geochemical modelling and
isotopic validation. The combination of these efforts will hopefully realize the goal
of coupling flow and mass transfer, but this will only result from a sound
understanding of all three.

4.10 Using NET PA TH: speciation, mass balance and isotope balance
modelling of groundwater systems

There are a large number of models that can be used to interpret the
geochemical evolution of groundwater systems. Mangold and Tsang [28] have
reviewed many of the numerical codes available for groundwater investigation. In
this section we will consider the model NETPATH [6] which combines three
elements, a groundwater database, a chemical speciation model and a mass balance
/ isotope balance model. NETPA TH is an abbrieviation for: an interactive code
for modelling NET geochemical reactions along a flow PATH. The demonstration
of NETPATH here is not intended to exclude the useful nature of many other
geochemical models. NETPATH is the only model that combines isotopic results
with the approach that has been discussed in this chapter on basic concepts and
formulations for isotope-geochemical process investigation. In this last section, we
will examine how NETPATH results can be used to interpret the geochemical and
isotopic mass balance of geochemical reactions between two groundwaters.

Table XII gives the measured chemical and isotopic data for two wells from
the Tucson basin [21], one representing recharge at the mountain-pediment interface
and the other, palaeowater down gradient. The down gradient water is
geochemically interesting and potentially very old. The area around this well
contains active, high-sulphate warm springs that occur along low-angle faults that
dip from the surrounding mountains toward the basin. The measured temperature
of the groundwater averages 43.3°C. Groundwater at the mountain-pediment
interface was used to define the chemistry of initial recharge water for geochemical
modelling.

The data was entered into NETPATH's database program, DB. During the
process of saving the data, DB runs the chemical speciation model WATEQF
calculating chemical speciation and mineral saturation indices for each groundwater
sample entered in the database. The calculated saturation indices for dominant
mineral phases in the Tucson basin aquifer are given in Table XII.

The change in molal ratios (Table XII) indicate that ion exchange (Ca/Na
and Mg/Na) has occurred. This would be expected if montmorillonite is the
dominant clay mineral produced during incongruent weathering of plagioclase.
There is no substantial change in chloride concentrations along the flow path. The
large change in SO4/C1 is probably from dissolution of gypsum. Gypsum does not
reach equilibrium (SI < 0) because of the common ion effect with ion exchange of
Ca for Na.
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Figure 13. Recharge and down gradient water from Table XII plotted on a mineral stability
diagram representing thermodynamic constraints on potassium, hydrogen and silica activities
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Figure 14. Recharge and down gradient water from Table XII plotted on a mineral stability
diagram representing thermodynamic constraints on calcium, hydrogen and silica activities for
equilibrium reactions between oligoclase, montmorillonite, kaolinite, and gibbsite.
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The down gradient water has reached equilibrium with calcite and
orthoclase. Plagioclase shows little change in saturation index possibly due to the
common ion effects of Ca/Na exchange on clays and calcite equilibrium. Both clay
minerals montmorillonite and kaolinite are very oversaturated up gradient and are
near equilibrium (given uncertainties in thermodynamic data) down gradient.

We can interpret saturation indices by plotting these two samples on mineral
stability diagrams (Figures 13 and 14) Recharge water plots in the kaolinite field
indicating there is thermodynamic potential for kaolinite precipitation. Figure 13
confirms that orthoclase trends from undersaturation to final chemical equilibrium
between muscovite, orthoclase and the clay mineral kaolinite. Figure 14 verifies
the thermodynamic potential of montmorillonite precipitation for the initial water
and the trend toward equilibrium incongruent reactions between plagioclase and
montmorillonite.

The elements used in NETPATH to constrain the mass-balance solution
included carbon, sulphur, calcium, aluminum (assumed conservative in the solid
phase), magnesium, potassium, sodium, iron (assumed conservative in the solid
phase), silicon and stable carbon isotopic ratios (Table XIII). Conservation of
aluminum during the incongruent dissolution of silicate phases dictates that all
aluminum in plagioclase and orthoclase is used in the precipitation of clay minerals.
This results in no change in the dissolved aluminum between initial and final water.
Similarly, conservation of iron in the solid phase leads to no change of dissolved

Table XIII. Constraints and mineral phases used in NETPATH to model the geochemical
evolution of down gradient groundwater from Table XII.

Constraints: 9 Phases: 11* Parameters

Carbon - Montmorillonite Mixing: No
Calcium Calcite Evaporation: No
Magnesium + Orthoclase Isotope Calc: Yes
Potassium SiO2 Exchange: Ca/Na
Iron + Gypsum Init C-14: Mass -
Sulphur - Goethite
Balance
Aluminum - Kaolinite
Sodium + Ilmenite
Silica + Oligoclase

Exchange Mg/Na
Exchange (default)

* Positive indicates that only dissolution of the mineral phase is allowed to solve the mass
balance; Negative sign indicates that only precipitation of the mineral phase is allowed.
No sign indicates that both precipitation and dissolution of the mineral can be modelled.
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Table XIV. NETPATH input for the stoichiometric and isotopic composition of mineral
phases determined from geologic investigation of Tucson basin sediments.

Mineral Elemental composition

1.47 Al 3.8 Si
Montmorillonite

0.17 Ca
Calcite

1.0 Ca
Oligoclase

0.2 Ca
Gypsum

1.0 Ca
Orthoclase

10 K
Kaolinite

2.0 Al
Exchange Ca/Na

-1.0 Ca
Exchange Mg/Na

-1.0 Mg
Goethite

1.0 Fe
SiO2

1.0 Si
Ilmenite

1.0 Fe

0.

1.

0.

1.

1.

2.

2.

2.

1.

13 K

0 C

8Na

OS

0 Al

0 Si

ONa

ONa

OTi

0.47 Mg

-2.4 513C

12 Al

14.0 834S

3.0 Si

0.3 Fe

1.0 14C

2.2 Si

(est)

Fe+2 and Fe+3 in groundwater. The ubiquitous presence of dissolved oxygen in the
Tucson basin groundwater suggests that any iron will reside either as goethite or as
substitution in montmorillonite.

Chloride is not used as a constraint for two reasons; 1) because there is no
significant change in chloride concentration during geochemical evolution of the
water, and 2) the presence of minerals that contain chloride could not be identified
in the aquifer sediments.

The reactant phases used in NETPATH for determining mass-transfer were
determined through mineralogic analysis of basin sediments and gas phases (Table
XIII and XIV). These phases included calcite, montmorillonite (chemical
composition analyzed), goethite, orthoclase, oligoclase (calcium/sodium ratio was
determined), gypsum, kaolirute, ilmenite and quartz. Further, ion exchange of
Ca/Na and Mg/Na on clays were allowed because the clay minerals in the
sediments are known to have ion exchange potential.

To accurately determine the balanced chemical reactions, the measured
stoichiometric composition of each mineral phase is listed in Table XIV. There are
options available within NETPATH to change the chemical composition of mineral
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phases. We will have more confidence in the mass balance results if the model is
given the accurate chemical composition of mineral phases rather than estimated
compositions.

NETPATH permits the user to dictate whether precipitation or dissolution of
mineral phases will be allowed. In this way, reactions that we know are not
permitted due to thermodynamic constraints can be excluded from analysis. For
instance, the calculated saturation index of gypsum is less than zero for both water
samples. From this we know that thermodynamic constraints do not permit
precipitation of gypsum along the flow path between these two points. Therefore,
only the mass balance solutions calculated by NETPATH for which the mineral
phase gypsum dissolved are considered .

Only the isotopic results for carbon and sulphur were used to validate the
mass balance results with this data. The mass balance solution for chemical data is
expected to correspond with mass balance of isotopes. Of the isotopic data for the
initial and final groundwater samples (Table XII), only carbon and sulphur have
potential for validating mass-transfer chemical reactions between the initial and
final water. It is assumed that no isotopic enrichment occurs between the liquid
and solid phase.

Table XV. Results of four successful NETPATH mass balance models for geochemical
reactions defining the chemistry of down gradient Tucson basin groundwater (in
mmol/litre).

Mineral Phase

Montmorillonite
Calcite
Orthoclase
SiO2

Gypsum
Kaolinite
Ilmenite
Oligoclase
Ca/Na Exchange
Mg/Na Exchange

Isotopic Exchange

8UC (-10.7 %o measured)
Init 14C (16.5 pMC measured)
534S (12.5 ± 1.3 %o CDT)
587Sr (not measured)
815N (not measured)

Radiocarbon age
(A/Ao= 16.5 / 72.1)

Model 1

-0.8754
-1.7509
+0.1949
-0.2297
+2.8816
-0.6518
+0.2626
+ 1.9962

1.6481

0.750

-10.75
72.06
13.07
na
na

11,400

Model 2

-0.0000
-1.7509
+0.0812
-1.1081
+2.8816
-0.6781

+1.0625

1.0635

0.750

-10.75
72.06
13.07
na
na

11,400

Model 3

-22.602
-1.7509
+3.0194
+21.569
+2.8816

+6.7805
+25.171

-10.211

0.750

-10.75
72.06
13.07
na

na

11,400

Model 4

-1.1044
-1.7509
+0.2247

+2.8816
-0.6449
+0.3313
+2.2405

1.6580
0.1076

0.750

-10.75
72.06
13.07
na
na

11,400
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The tritium content of down gradient water is below detection and the
content in recharge water is low. The lack of tritium in the down gradient well is
important hydrologic information because it indicates that no 'young' water is
mixing in the down gradient well. Calculation of a mixing ratio is the only mass
balance parameter that tritium would be useful for in this situation. Given the lack
of evidence for mixing, tritium was ignored for inclusion in NETPATH modelling.

The stable isotopic composition of H2O is distinctly different between the
initial and final groundwater samples. The low radiocarbon content of water from
the down gradient well suggests the difference in isotopic composition may be due
to climate change and palaeowater. We do not have confidence that climatic
conditions of recharge for the palaeo water are the same as the recharge water. 518O
and 8D may be useful for palaeohydrologic interpretation, but can not constrain the
mass balance of chemical reactions between the initial and final water

Forty-five potential mass balance solutions exists given the constraints and
phases in Table XIII. Even when constrained with carbon and sulphur isotopic
balance, there are four potential solutions for balanced chemical reactions between
the initial and final water as modelled with NETPATH (Table XV). These results
must be compared with thermodynamic constraints and geochemical knowledge of
the system to choose the one reaction that best describes the geochemical evolution
of groundwater between these points.

The mass balance result number 1 predicts the precipitation of quartz or
another silica phase. The precipitation of silica phases is not thermodynamically
allowed when coprecipitation of clay mineral phases occurs. The same applies to
model number three. This model also required a very large mass transfer
coefficients to balance the result. Therefore, the results of model number one and
number three are suspect.

Model result number two predicts precipitation of silica and no precipitation
of montmorillonite along the flow path. From the mineral stability diagrams we
know that thermodynamics favour the precipitation of montmorillonite over
kaolinite. Petrographic investigation of secondary minerals also show a
predominance of montmonllonite over kaolinite. Therefore, the result of model two
is suspect.

The result of model four is the only balanced reaction that does not violate
thermodynamic constraints There is a unique solution for the mass balance
between the initial and final groundwater samples. We can then write the balanced
chemical equation for this reaction:

Initial water chemistry + 2.24Ca0.05Na09AllSi3O8 + 0.33FeTiO3 + 1.65Ca/Na exchange
(Tucson oligoclase) (ilmenite)

+ O.llMg/Na Exchange + 2.88 CaSO4 + 0.22 KAlSi3O8 ->
(gypsum) (orthoclase)
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Final water chemistry + 0.77 Ca0.i67K0.!3Mg0.47Fe0.3Al1.47SiJ.77O,0(OH)2

(Tucson basin montmorillonite)

+ 0.32Al4Si4O10(OH)8 + 0.78CaCO3

(kaoiinite) (caicite 0.75 isotopic exchange)

With a unique solution for mass balance, we are confident in the correction
of the radiocarbon age of the water, and indeed the sample represents palaeowater.
The coupled geochemical-isotopic modelling approach to hydrologic investigations
provided a singular solutions to our interpretation of the geochemical evolution of
water between these two points.

4.11 Summary

The goal of isotope-geochemical modelling is to identify probable chemical
reactions that control the evolution of groundwater chemistry and isotopic
composition. We can determine the mass balance and mass transfer in a
groundwater system from knowledge of the minerals and reactive phases in the
aquifer system and changes in groundwater chemistry. For most hydrologic studies
in the past, detailed mineralogic and isotopic investigation on aquifer materials has
been lacking. Without this data it is not possible to conclude with certainty which
geochemical reactions dominate a groundwater system.

The forward and inverse solutions to geochemical modelling offer
advantages and disadvantages. The inverse solution can provide the most reaction
information given detailed mineralogic, isotopic, chemical and hydrologic data on a
groundwater system. Inverse modelling requires that initial and final groundwater
samples are related hydrologically and care must be taken to collect water along
defined flow paths. The results of inverse modelling provide the net mass transfer
between initial and final points. Mass transfer coefficients are easily applied to
isotopic mass balance resulting in isotopic validation of inverse model results and
corrections for age dating groundwater. However, inverse model results can be
adversely affected by errors in analytical data and invalid assumptions. Inverse
model results are also not constrained by thermodynamics.

When chemical and mineralogic data are limited, forward modelling can be
used to compute changes in groundwater chemistry in response to user defined
changes in chemical composition, temperature, pressure, mineral dissolution and
precipitation and irreversible reactions. Forward modelling is constrained by the
thermodynamics of water-rock interactions but is highly dependent on the accuracy
of the thermodynamic data available. Mineral stability diagrams and saturation
indices can be used to investigate thermodynamic constraints on geochemical
reactions in the absence of forward modelling.

The examples used in this chapter were intended to give the reader an
overview of the isotope-geochemical approach to modelling geochemistry of
groundwater systems. The reader is strongly urged to apply these techniques to
their particular hydrologic study. It is important that uncertainties in analytical
data, hydrologic information, geologic understanding and computational methods
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should always be identified Care should be taken not to over-interpret isotope-
geochemical data or the results of geochemical modelling.

Geochemical modelling of groundwater systems and the coupling of
geochemical and isotopic data can offer independent interpretation of the dynamics
of groundwater flow. The isotopic composition of dissolved species can be used to
ascertain unique chemical reaction paths in groundwater systems. This coupled
geochemical-isotopic modelling approach to hydrologic investigations can provide
singular solutions to our interpretation of groundwater flow.
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